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a b s t r a c t
Severe downslope windstorm occurred during January 11 and 12, 1972 when the observed wind in the
upstream region changed little, a surge of warmer air moved across the northwestern US at 500 hPa,
accompanied by rapid pressure falls and strong surface cyclogenesis in the lee of the Rocky Mountains
triggered the downslope windstorm. Here, the observed soundings in the upstream are used at inﬂow.
On a non-slip surface without the effect of rotation, the simulated downslope wind decreases with time
after 2–3 h. If the wind at inﬂow is in geostrophic balance, the simulated westerly wind at z25 m
remains around 33–35 ms1. If the northwesterly upper-level-jet is unbalanced by large scale pressure
gradient, the inertial oscillation decreases the westerly wind and increases the northerly wind of the
upper-level-jet as it approaches mountain. Convergence forms in the upper layer and forces more air to
descend and results in a severe, long-lasting downslope windstorm as observed. Meanwhile, an
unbalanced upper-level-southwesterly-jet decreases the downslope wind. The simulated severe down-
slope wind, reversed ﬂow atop, and hydraulic jump occur simultaneously, accompanied by waves, rotors
and turbulences in the upper layers and the lee side.
& 2013 The Author. Published by Elsevier B.V.
Introduction
Mountain waves and severe downslope winds have been studied
extensively since Queney (1947, 1948), Scorer (1949), and Long
(1953a, 1953b, 1954), etc. Severe downslope winds over the lee of
a mountain ridge have been observed in various places around the
world, such as the Chinook over the Rocky Mountains, Foehn over
the Alps, Bora over the Dinaric Alps, Zonda over the Argentina
mountains, and downslope wind in the southern tip of Taiwan, etc.
One well-known case is the 11 January 1972 severe windstorm
occurred in Boulder, Colorado with a peak wind gust as high as
50 ms1 recorded in Boulder, which was accompanied by large
waves, hydraulic jumps, vortices and turbulences (Lilly, 1978).
Several different theories have been proposed for the develop-
ment of the severe downslope winds, including: (a) hydraulic
jump: if the mountain height exceeds the threshold, a strong wind
can develop along the lee when a subcritical ﬂow transits to a
supercritical ﬂow (Long, 1953a, 1953b; Smith, 1985; Durran, 1986;
Durran and Klemp, 1987; Smith and Sun, 1987); (b) linear theory:
Klemp and Lilly (1975) suggested that strong downslope winds
occur when the atmosphere has a multilayer structure producing
an optimal superposition of upward–downward propagation
waves; (c) wave breaking and downslope wind enhanced by the
energy trapped by the wave-breaking region in the upper layer
and/or wave-induced critical layer [(Clark and Peltier, 1977, 1984;
Peltier and Clark, 1979; Smith, 1987; Aihara and Hirasawa, 1988;
Lin, 2007), etc.]. The hydraulic jump provides a simple explanation
for a homogeneous ﬂuid in the layer which can be separated from
the upper layer, although it is not frequently observed in the real
atmosphere. Linear theory may be limited to the prediction of
instability and initial stage of downslope winds. The wave-induced
critical layer and wave breaking are mainly based on model
simulations which produced wave breaking and/or wave-
induced critical layer (uo0) in the mid-atmosphere and a strong
downslope wind of 50–60 m s1 as observed. Strong downslope
winds were generated by numerical models over a free-slip sur-
face (Doyle et al., 2000; Chern, 1989; Chen, 1999; Hsu and Sun,
2001; Chen and Sun, 2001). When surface friction is included,
Sun and Hsu (2005) and this study show that the downslope wind
reaches the peak at 2–3 h integration, it then decreases afterward;
although a strong downslope wind was obtained by Richard et al.
(1989) from a coarse-resolution (52 horizontal grid points with
Δx¼10 km, and 61 vertical layers) hydrostatic model. This study
shows that large amplitude waves and reversed winds exist above
the wave-induced critical layer may indicate that the energy is not
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effectively trapped by the critical layer in the lower layer as
proposed previously.
Using a hydrostatic model with upstream ﬂow in geostrophic
balance, the effect of rotation and surface friction on the drag by
ﬂow around a single elongated mountain has been studied by
Olaffson and Bougeault (1997), Wells et al. (2005), and others. Sun
and Chern (1994) showed that the effect of rotation produces an
induced high pressure on the windward side of a bell-shape
mountain, an anti-cyclonic circulation around the mountain, and
vortices-shedding. The interactions among the effect of rotation,
diurnal oscillation of the PBL, mountains, and lee-vortices in
Taiwan during Taiwan Area Mesoscale Experiments (TAIMEX) have
been reproduced by Sun and Chern (1993). Sun and Chern (2006)
also showed that the effect of rotation creates a strong orographic
jet on the eastside of the Central Mountain Range (CMR) in Taiwan
and a deformation of the cold front by the CMR. We have applied
the National Taiwan University (NTU)-Purdue 3D nonhydrostatic
model to simulate the ﬂow, which is not in geostrophic balance,
moving over an elongated mountain. The 3D results are similar to
the 2D simulations presented here. Therefore, we will focus on the
2D results in this paper.
Based on the 1200 UTC 11 January 1972 sounding at Grand
Junction, Colorado (Fig. 1a and b), and a¼10 km, (which is the
half-width of a 2 km bell-shape mountain for a mountain proﬁle
given by zs ¼ ha2=fðxx0Þ2þa2g used in (Doyle et al., 2000) for
intercomparison of model simulation of Boulder windstorm and
other papers), the Rossby number Ro¼U/(fa) is about 10 near the
surface and about 48 at z¼6.5 km. The radius of deformation
based on mountain height (h¼2 km) is near 200 km except two
thin layers near z5.5 km and z7.6 km. Hence the effect of
rotation was ignored in most studies. Lilly (1978) pointed out that
although the upper air ﬂow pattern at Grand Junction appeared to
change little during January 11 and 12, a surge of warmer air
moved across the northwestern United States at 500 hPa, accom-
panied by rapid pressure falls and strong surface cyclogenesis in
the lee of the Rocky Mountains. This warm air moved from the
Washington coast to Colorado in about 18 h with a propagation
speed of about 30 m s1. The changes in tropospheric thermal
structure evidently controlled the outbreak of the downslope
windstorm.
Since the observed wind in the upstream changed little with
time, but large-scale temperature and pressure ﬁelds changed
drastically, the system should be far away from geostrophic
balance. Hence, we propose that large-scale wind at inﬂow (Grand
Junction) remains constant with time, but large-scale pressure
gradient may not satisfy the geostrophic wind and induces
geostrophic adjustment. Of course, the real temperature and
pressure ﬁelds can be different from ours. The simulations show
that large inertia oscillation develops along a strong northwesterly
upper-level jet when the pressure gradient cannot support geos-
trophic wind. For a northwesterly jet, the westerly component
wind decreases and northerly component wind increases as ﬂow
approaches the mountain. Convergence forms in the upper layer,
which forces more air to descend and enhances the downslope
wind signiﬁcantly. As pointed out by Lilly that about one-ﬁfth of
the January 1972 readings showed similar wind proﬁles. Several
strong downslope storms occurred during that month. That of the
11th was by far the most damaging and widespread. Notice the
length scales of disturbances in the Rocky Mountains, associated
with the quick moving warmer air across the northwestern USA
and the rapid pressure falls and strong surface cyclogenesis in the
lee of the Rocky Mountains, were less than the radius of deforma-
tion based on the depth of troposphere (RaH¼NH/f1000 km and
H10 km). Hence, the wind proﬁle changed little because mass
ﬁeld adjusted to the momentum ﬁelds according to geostrophic
adjustment theory (Sun, 2007). From sensitivity tests we ﬁnd that
an upper-level-northwesterly-jet at inﬂow is required for inertia
oscillation to enhance the downslope wind if wind near surface is
not strong (r10 ms1) as of the 11 January. If the upper-level-
jet comes from southwest, the inertial oscillation increases the
upper-layer westerly component wind as the ﬂow approaches the
Fig. 1. (a) Vertical proﬁle of potential temperature at Grand Junction of 11 January
1972. (b) U and V at Grand Junction, and V used at inﬂow for Case F.
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mountain, which forms a divergence in the upper layer and a
weaker downslope wind near the surface.
This high-resolution nonhydrostatic model also reveals the details
of rotors, reversed ﬂows, waves, in addition to the downslope wind,
which can help us understanding the dynamics involved.
Equations
The 2D equations of motions are
∂u
∂t
þAdvðuÞ ¼ f ðvδ2vgÞbw
1
ρ
∂p′
∂x
þDif f ðuÞ ð2:1Þ
∂v
∂t
þAdvðvÞ ¼  f ðuδ2ugÞþDif f ðvÞ ð2:2Þ
∂w
∂t
þAdvðwÞ ¼  1
ρ
∂p
∂z
þbugþDif f ðwÞ ð2:3Þ
1
δ1
∂ρ
∂t
þ ∂ρu
∂x
þ ∂ρw
∂z
 
¼ 0 ð2:4Þ
p¼ ρRT ð2:5Þ
∂θe
∂t
þAdvðθeþδ2θegÞ ¼
Lvqv
cp
d
dt
θ
T
 
þDif f ðθeÞ ð2:6Þ
∂qw
∂t
þAdvðqwÞ ¼Dif f ðqwÞ: ð2:7Þ
and equivalent potential θe is deﬁned as
θe ¼ θþ θT
 
Lv
cp
qv: ð2:8Þ
Here f ¼ 2Ω sin ϕ; b¼ 2Ω cos ϕ; ϕ¼361Ν; θ is the potential
temperature, and θeg is the large-scale potential temperature; cp,
speciﬁc heat at constant pressure; qv speciﬁc humidity of water
vapor, ql, liquid water content, and Lv the latent heat of vaporiza-
tion. The total speciﬁc humidity, qw¼qvþql, is a semi-conservative
quantity in the absence of precipitation or ice phase. Adv and Diff
represent the advection and the diffusion operators, respectively.
We set δ1¼4 to increase the efﬁciency without sacriﬁcing the
accuracy of simulations (Sun et al., 2012). We propose that the
wind at inﬂow (Grand Junction) represents the large-scale geos-
trophic wind (ug, vg) which remains constant with time. The
variations of the variables along y-direction are assumed to vanish
except for large-scale temperature and pressure gradient as dis-
cussed in Sun and Ogura (1979) and Sun and Wu (1992). We also
assumed that the large-scale pressure gradient is calculated by
δ2fug and δ2fvg, where
f ug ¼ 
1
ρ
∂p
∂y
 
largescale
and
f vg ¼
1
ρ
∂p
∂x
 
largescale
:
When δ2¼1, the large-scale ﬂow satisﬁes the geostrophic wind
equation, otherwise, the large-scale pressure gradient cannot
balance geostrophic wind and geostrophic adjustment will occur.
The detailed turbulent kinetic energy, parameterizations, and
numerical schemes of the model can be found in Hsu and Sun
(2001), Sun and Hsu (2005).
Model set up and numerical results
The Arakawa C grids are applied in the terrain following
s-coordinate, which is deﬁned as
s ¼ p0ðzÞp0ðztopÞ
p0ðzsurfaceÞp0ðztopÞ
; ð3:1Þ
where p0, pressure of a reference atmosphere, is a function of
height. The domain consists of 671400 grids. The horizontal
spatial interval Δx¼1 km, and the vertical spatial interval,
Δz75 m, except the ﬁrst layer about the groundwhereΔz25 m
in order to have a better resolution near the surface. Both free-slip
and non-slip surfaces are applied at the ground. In addition to
Newtonian damping applied in the upper layers, the top is set at
30 km, which is higher than most models, to reduce the
reﬂection from the top boundary, which may produce standing
waves and enhance the downslope wind in a numerical model.
The variables are ﬁxed at the inﬂow; and open boundary is used to
the outﬂow. The Gaussian-type mountain with a half-width of
10 km, and the peak height of 2 km locates at x¼321 km, as in
Doyle et al. (2000) and others.
The observed soundings are shown in Fig. 1a and b. The wind
near the surface was weak, U¼9 ms1, and V¼5 ms1. The
vertical wind shear was rather strong, U¼42 ms1 at z¼6.6 km,
and V¼30 ms1 at z9 km. The Froude number Fr¼Nh/U (N is
Brunt–Vaissala frequency, and h¼2 km), is greater than 1 below
3 km, and less than 0.5 for 5 kmozo9 km. The radius of defor-
mation based on mountain height, Nh/f, is about 200 km except
the layers near z5.5 km, and z6.7 km (not shown).
Case A: Observed wind is used at inﬂow with f¼b¼δ2¼0 on free-slip
surface
The simulated x-component wind, streamlines, and virtual
potential temperature θv at t¼2 h in Fig. 2a reveal a returning
ﬂow near the surface on the windward side in 275 kmox-
o310 km, and a strong downslope wind (u460 ms1) near sur-
face in the lee side near 330–340 km, which is topped by a zone of
the reversed and weak winds in 5.5 kmozo8.5 km, and the
tilting strips of strong winds and reversed/weak winds in the
upper layers (z412 km). The x-component pressure gradient is
shown in Fig. 2b. The low pressure associated with the adiabatic
warming enhances the downslope wind, where surface wind
increases before it reaches the local minimum pressure, after that,
the wind decreases drastically and produces a hydraulic jump with
a maximum updraft of 20 ms1 around x345 km. A high
pressure forms along the updraft in 4 kmozo11 km due to
adiabatic cooling, which blocks the westerly ﬂow, consequently,
a zone of reversed/weak wind forms to the left, and a strong
westerly wind to the right of the hydraulic jump, as shown in
Fig. 2a and b, as well as in Hsu and Sun (2001), Chen and Sun
(2001). The downslope wind near surface is around 50 ms1.
Notice that the mid-level reversed ﬂow does not form at t¼1 h
(u15 ms1 in 8 kmozo10 km and x330 km at t¼1 h). The
intensity of the downslope wind and hydraulic jump increases
with time, while the mid-level wind speed decreases and becomes
negative in 5.5 kmozo9 km before t¼2 h. The strong downslope
wind, reversed ﬂow, and hydraulic jump occur spontaneously
according to the continuity equation. The zone of the reversed/
weak winds in the mid-level (5 kmrzr10 km) creates a new
blocking as an artiﬁcial mountain for the ﬂow in zZ10 km. The
ﬂow moves over and creates strong winds above and on the lee
side of this blocking. Combining a strong wind passing over zone
of reversed/weak winds and that exiting from the upper part of
the hydraulic jump, westerly wind reaches more than 60 ms1 in
7.5 km ozo9.6 km and 350 kmoxo360 km. The slanting strips
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of strong and reserved/weak westerly winds in z412 km resem-
ble the propagating mountain waves. It may indicate that energy is
not trapped by the lower wave-induced critical layer. Because the
air density decreases with height, the amplitude of mountain
waves increase with height in the upper layer as shown in the
streamlines.
The simulations at t¼2 h reproduces a strong downslope wind
near surface (uZ60 ms1), a reversed ﬂow at z6 km, a concen-
trated hydraulic jump, and intense turbulences as observed.
However, the simulations at t¼6 h (Fig. 2c) show that the
hydraulic jump moves to x412 km, a wild spread of the
reversed/weak ﬂows behind in 5 kmozo9 km, and strong winds
with a maximum of 75 ms1 develop near the surface on the lee
side of the mountain. A strong upper-level downslope wind with
u470 ms1 also forms to the right-hand-side of the hydraulic
jump at x420 km in 8 kmozo12 km. Table 1 shows the
x-component wind at z25 m can reach 80 ms1 at t¼4 h, and
75 ms1 at t¼6 and 8 h. The patterns are quite different from
observations or simulations at t¼2 h on free-slip surface. Doyle
et al. (2000) also showed that the hydraulic jump propagates
downstream at 3-h simulations over a free-slip surface from most
models, which is consistent with our simulations, except our 6-h
simulations are much clearer.
Case B: Same as Case A except on non-slip surface.
The simulated u at t¼2 h (Fig. 3a) is similar to that of Case A,
except u40 in 7 kmozo10 km at x330 km. A weak wind
instead of reversed ﬂow in the mid-level corresponds to a weak
downslope wind (45 ms1) and a weak hydraulic jump
(w18 ms1 at z5 km, and w3 ms1 at z10 km). A weak
returning ﬂow also occurs near the surface on the windward side
of the mountain and propagates upstream, as in Case A. The
blocking of weak mid-level wind zone in 7 kmozo10 km creates
the slanting strips of high winds and reversed ﬂows in the upper
layers. Combining strong ﬂow passing over the weak wind zone
and that coming from the upper part of the hydraulic jump forms
a strong westerly (u460 ms1) to the right of the hydraulic jump
in 7 kmozo12 km. They are similar to Case A and the simula-
tions at t¼2.5 h shown in Fig. 4 of Sun and Hsu (2005). After 2.5 h,
the downslope wind decreases with time, it becomes 35 ms1 at
6 h (Fig. 3b); and around 30 ms1 at t¼7 h (not shown). Between
t¼2 h and 6 h, the wind speed in upper-layer (z9 km) at
x¼330 km increases from 5 ms1 to 15 ms1; the downdraft
decreases from 12 ms1 to 8 ms1; the upward motion of
hydraulic jump decreases from 18 ms1 to 16 ms1 as well due to
surface friction. Surface friction not only prevents the hydraulic
Fig. 2. (a) Simulated u (shaded color with red contour), streamlines, and θv (thick black) at 2 h; (b) simulated x-component pressure gradient force (shaded color with red contour)
at 2 h; (c) same as (a) except at 6 h for Case A. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)
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jump propagating downstream but also weakens the downslope
wind and hydraulic jump. The x-component wind at z25 m
decreases from 35 ms1 to 27 ms1 at t¼6 h (Table 1). Hence, the
intensity is much weaker than observations.
Case C: Observed wind is used at inﬂow on non-slip surface with
fa0, ba0, and δ2¼1
The radius of deformation based on h, Ra¼Nh/f is about
200 km in most of the troposphere, except shallow layers near
z5.5 km and z6.7 km. The Rossby number U/fa is more than 10.
The simulated ﬂow at t¼2 h (Fig. 4a) is very close to that of Case B,
because the inﬂuence of rotation is not signiﬁcant at this moment.
However, a reversed ﬂow shows up at z8–9 km and x335 km,
although the maximumwind¼33 ms1 at z25 km here (Table 1)
is slightly less than 35 ms1 of Case B. It is noted that there is no
mid-level reversed ﬂow in Case B. The reversed ﬂow above the
downslope wind disappears before t¼6 h, because the westerly
wind in the lower layer in 1 kmozo4 km and 320 kmox-
o340 km decreases with time. u remains 33–35 ms1 at
z25 m (Table 1) for tZ6 h. A train of well-developed waves
with rotors inside appears on the lee side near surface (Fig. 4b).
The horizontal wavelength is shorter than that of Case B due to the
effect of rotation. Waves develop in the upper layers as well. The
downslope wind 40 ms1 is stronger than that of Case B, but is
still weaker than observations. Because the inﬂow wind is in
geostrophic balance, the change of wind with time is smaller than
the previous case. The maximum wind speed remains around
Table 1
maximum westerly velocity (ms1) and location in (km) at z25 m at t¼2, 4, 6, and 8 h for different cases.
Cases
(h)
A (f¼0,inv.) obs.
wind B00I1invT0
c16
B (f¼0,vis.) obs.
wind B00I1T0 pf0
C (fa0,vis. δ2¼1)
obs.wind fbIT2.c04
D (fa0,vis. δ2¼0)
obs.wind fbI1T0.c06
E (fa0,vis. δ2¼0.5)
Obs.wind fbI1T3C01
F (fa0.vis. δ2¼0).obs.U &
V¼obs.V fbI8T0c07
G (fa0.vis. δ2¼1).obs.
u v¼obs.v I8T2.c03
t¼2 61, x¼332 35, x¼330 33, x¼329 43, x¼327 43, x¼328 30, x¼332 42 x¼330
t¼4 80, x¼355 27, x¼330 33, x¼332 44, x¼328 37, x¼325 30, x¼332 35 x¼330
t¼6 75, x¼375 27, x¼330 34, x¼332 48, x¼331 37, x¼330 28, x¼333 33 x¼330
t¼8 75, x¼355 35, x¼332 47, x¼330 42, x¼332 30, x¼334 32 x¼330
Fig. 3. (a) Same as Fig. 2a except for Case B; (b) same as Fig. 2c except for Case B. Fig. 4. (a) Same as Fig. 3a except for Case C; (b) same as Fig. 3b except for Case C.
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33–35 ms1 at z25 m, while in Case B it decreases with time,
u27–28 ms1 at t¼6 h (Table 1). Therefore, the effect of rotation
should not be ignored if the time integration is more than a
few hours.
Case D: Observed wind is used at inﬂow on non-slip surface with
fa0, ba0, and δ2¼0
As Lilly (1978) pointed out that the air ﬂow in the upstream
changed little during January 11 and 12, a surge of warmer air
moved across the northwestern United States at 500 hPa, accom-
panied by rapid pressure falls and strong surface cyclogenesis in
the lee of the Rocky Mountains, which triggered outbreak of the
downslope windstorm. Therefore, we propose that the wind is not
in geostrophic balance.
Fig. 5a shows the proﬁles of westerly winds at t¼4 h on the
windward side at the mountain foot (x¼300 km) for various cases
and the time-independent wind at inﬂow (x¼0). With δ2¼0, at
x¼300 km, the westerly wind of the upper-level-northwesterly jet
decreases with time as ﬂow approached the mountain, because
du=dt  f ðvδ2vgÞ ¼ f v, and dv=dt  f ðδ2uguÞ ¼  f u with u40
and vo0. The convergence in the upper layer enhances the
downward motion over the mountain. Consequently, a strong
downslope wind develops on the lee side, as shown in Fig. 5b,c,
which reaches about 55 ms1 at t¼2 h, and about 60 ms1 at 6 h.
The maximum downdraft reaches 18 ms1 at t¼2 h, and
27 ms1 at t¼6 h; and the peak updraft reaches 30 ms1 at
t¼2 h and 33 ms1 at t¼6 h. They are comparable with the
magnitude of 30 ms1 of the vertical motion observed over the
turbulent zone at z6 km. The simulated westerly wind varies
E X=0 A
C
B
D
F
Fig. 5. (a)Westerly wind proﬁles at x¼0 (black), and x¼300 km for Cases A (magenta), B (orange), C (green), D (red), E (blue),and F (purple) at t¼4 h; (b) same as Fig. 4a except for
Case D; (c) same as Fig. 4b except for Case D. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)
W.-Y. Sun / Weather and Climate Extremes 2 (2013) 22–30 27
from 2 ms1 to 52 ms1 in 320 kmoxo360 km at z6 km,
which is also comparable with observations (5 ms1o
uo55 ms1) presented in Fig. 13 of Lilly (1978). A strong/weak
westerly wind corresponding to a cold/warm potential tempera-
ture is consistent with observations as well. The vertical velocities
and downslope wind are much stronger than those of Cases B and
C. The hydraulic jump locates at x340 km. Waves, rotors, and
turbulences appear in downstream regions. A zone of the reversed
and weak winds develops above the strong downslope wind and
on the left-hand side of a very deep hydraulic jump. The existence
of the reversed ﬂow (uo0) near z6 km is consistent with
observation, also turbulences on the lee side and upper layers of
the mountain. As the downslope wind intensiﬁes with increasing
time, the zone of the reversed/weak winds broadens and des-
cends. On the lee side, the waves, rotors and turbulences gradually
develop over a deep layer from surface to 10 km, and in the upper
layers (z416 km), meanwhile, strong wind zones exist near
θv310 K (z4 km) and θv400 K (z14 km) at t¼6 h (Fig. 5c).
The westerly wind at z25 m is about 43 ms1 at t¼2 h, and
48 ms1 at t¼6 h (Table 1). They are comparable with observa-
tions (50 ms1) and much stronger than that of Cases B and C.
Furthermore, the intensive downslope wind and strong vertical
motions last for the entire 9 h integration; and the hydraulic jump
does not propagate downstream, which is different from Case A
with a free-slip surface.
Case E: Observed wind is used at inﬂow on non-slip surface with
δ2¼0.5
Because the detailed observed pressure gradient and winds are
unavailable, we tried the case with δ2¼0.5 in (2.1) and (2.2). Fig. 5a
includes the simulated x-component wind at t¼4 h at x¼300 km for
Case E. Compared with x-component wind at the inﬂow, the westerly
wind decreases in 4 kmozo12 km but increases in the lower layer,
as in Case D, although the differences are about one half of Case D.
The simulated ﬂow pattern at t¼2 h (Fig. 7a) is very similar but
slightly weaker than that in Case D. The maximum downslope wind
reaches 55 ms1 and the maximum updraft and downdraft are
27 ms1 and 12 ms1, respectively, at t¼2 h. The ﬂow intensity at
t¼6 h is slightly weaker than that at t¼2 h. The downslope wind is
about 50 ms1, as shown in Fig. 6b. Table 1 shows that u¼43 ms1
at z25 m at t¼2 h, and u¼42 ms1 at t¼8 h. Waves, rotors, and
turbulences develop in the downstream region, as Case D. The area of
reversed/weak winds above the downslope wind is smaller, and the
westerly wind is stronger than Case D in 13 kmozo16 km on the
lee of the mountain. It is also noted that the zone of the mid-level
reversed ﬂow expands upward to the windward side in 300 kmox-
o330 km and 10 kmozo12 km between 2 hoto6 h, which is
different from the descending of the wave-induced critical layer
discussed by Lin (2007), and others.
Case F: The observed x-component wind and a negative observed
y-component wind (i.e. U, V) are used at inﬂow on non-slip surface
with δ2¼0
The wind, which is not balanced by the pressure gradient, rotates
clockwise due to inertia oscillation. Hence, the southwesterly-jet in
6 kmozo11 km becomes more westerly, while the westerly wind
component in the lower-layer (zo5 km) decreases as time
increases at x¼300 km (Fig. 5a). Hence, divergence forms in the
upper layer when the ﬂow approaches the mountain. The down-
slope wind is much weaker than the previous cases. It is about
35 ms1 at t¼2 h (Fig. 7a), and 25–30 ms1 at t¼6 h (Fig. 7b),
although multiply critical layers exist in z413 km over the
mountain and on the lee side. On the other hand, Table 1 shows
that at z25 m, the maximum u¼30 ms1 at t¼2 h and 8 h,
which is weakest among our simulations including the effect of
rotation. Because of a weak downslope wind, there is no mid-
level-reserved ﬂow at t¼2 h or 6 h.
As pointed by Lilly that one-ﬁfth of January 1972 readings
showed similar wind proﬁle of 11 January. Several strong down-
slope storms occurred during that month. Eight cases of “Observa-
tions from 1968 Field Project (Vigh, 2005)”, near Denver in
February also showed: the wind at tropopause came from 2351
or 2501 produced none or light turbulences; on the other hand, the
westerly wind or northwesterly wind generated large amplitude
waves and turbulences, except one coming from 2901. Those may
indicate that westerly or northwesterly upper-layer jet is favorable
to generate strong downslope storms, as discussed here.
In addition to the wind proﬁle, the stratiﬁcation also plays very
important role to the intensiﬁcation of turbulences and downslope
wind. More ﬁeld experiments, observational data, and theoretical
studies are required to understand geostrophic adjustment pro-
cess as well as the interactions among the synoptic disturbances,
surface cyclogenesis, and the effect of terrains.
Summary
As Lilly (1978) pointed out that the ﬂow pattern at Grand Junction
changed little during January 11 and 12, a surge of warmer air moved
Fig. 6. (a) Same as Fig. 4a except for Case E; (b) same as Fig. 4b except for Case E.
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across the northwestern United States at 500 hPa, accompanied by
rapid pressure falls and strong surface cyclogenesis in the lee of
the Rocky Mountains, which triggered the outbreak of the down-
slope windstorm. In this study, the observed wind and tempera-
ture proﬁles of 11 January 1972 are used at the inﬂow as a time-
independent boundary. On non-slip surface without rotation, the
simulated downslope wind decreases with time after 2–3 h
integration. At z25 m, u¼35 ms1 at t¼2 h and u¼27 ms1
after t¼6 h. If the wind at inﬂow is in geostrophic balance with a
large scale pressure gradient, results show that u remains around
33–35 ms1 at z25 m, which is still weaker than observations.
Meanwhile, the simulations with and without rotation can be
quite different, even the Rossby number is order of 10 or larger;
and radius of deformation is order of a hundred km and larger
than the horizontal length scale of the mountain (10 km).
Results also reveal that a strong downslope wind develops
accompanied by a reversed ﬂow above, hydraulic jump to the
right, and turbulences, waves, and rotors on the lee-side of the
mountain. If the northwesterly jet in the upper layer is not
balanced by large scale pressure gradient force, the westerly
component wind of the jet decreases and northerly component
wind increases as the ﬂow approaching the mountain. Hence,
more air mass is forced to move downward and results in a severe
and long-lasting downslope wind as observed (simulated u¼47–
48 ms1 at z25 m and t46 h). On the other hand, the inertial
oscillation from an unbalanced upper-level-southwesterly jet
decreases the downslope wind near the surface. It is also found
that tilting strips of reversed winds and strong winds frequently
exist in the upper layers (z412 km) in this study, even the
downslope wind near surface is weak.
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